Lesson 13.  Tropical cyclone energetics

It is useful to define a set of equations, in cylindrical coordinates (r, λ, z) whose origin is the center of a stationary TC, that govern the flow and energetics of a mature TC.  We start first with the r and λ components of the equations of motion,
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.
Here u is the radial velocity component dr / dt , v is the tangential velocity component r dλ / dt , w is the vertical velocity component, f is the Coriolis parameter, ρ is the air density, τzλ and τzr are the tangential and radial stresses due to small-scale vertical momentum mixing, and FHλ and FHr are the tangential and radial components of horizontal mixing.  The vertical component (w) of the equation of motion can be expressed as
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Where p is the air pressure, g the acceleration due to gravity, and Fz is a summary term representing forces associated with precipitation particle drag and turbulent mixing and terms involving the vertical Coriolis component have been omitted.  Because dw / dt, Fz, and the Coriolis terms (not shown) are typically three to four orders of magnitude less than the vertical pressure gradient force, it is possible to approximate (2) hydrostatically, as 
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while noting that vertical motions in hurricanes are produced by imbalances between the right-hand terms in (3).  To complete the system, we add the full continuity equation,
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where the changes of density of dry air are related to horizontal and vertical advection; the first law of thermodynamics expressed in terms of temperature (T),

[image: image20.emf]
[image: image6.wmf]1

s

HT

ppp

H

TTvTTQ

uwF

trrzcccz

w

lrr

¶

¶¶¶¶

=----+-+

¶¶¶¶¶

 ,

where ω = dp / dt, Q is the diabatic heating rate, Hs the vertical heat flux due to turbulent eddies, cp is the specific heat capacity at constant pressure, and FHT represents horizontal mixing due to turbulence; and the continuity equation for water vapor,
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where q is the specific humidity, C the condensation (evaporation) rate, Hq the vertical flux of water vapor, and FHq the effect of horizontal mixing of water vapor.  These equations, along with the equation of state for dry air (where R is the universal gas constant),
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complete a system of primitive equations that adequately describes the essential dynamical and moist thermodynamical processes of the TC (the preceding treatment of the governing equations was adapted from Anthes 1982). 
Heat transfer from the ocean is the basic source of energy for the tropical cyclone.  The mature, steady TC can be considered as a simple Carnot heat engine, where axisymmetric inflow air in the boundary layer acquires moist entropy from the sea surface, rises, and releases latent heat at the much lower temperature of the upper troposphere.  A typical heat engine circuit is depicted below in Figure 1 (from Emanuel 1997).  

TC boundary layer
Only since 1997, after the installation of global positioning systems (GPS) technology on dropsondes released from Atlantic hurricane reconnaissance, has a complete and accurate picture of the TC boundary layer been possible.  Early studies, such as the one reported by Large and Pond (1981), were performed in low-wind environments, and earlier non-GPS-equipped dropsonde measurements from Atlantic hurricane reconnaissance were unreliable in the lowest 500 m.  

Even earlier theoretical and numerical studies of TC energetics (e.g., Charney and Eliassen 1964; Ooyama 1969; Carrier et al. 1971; Anthes 1972) relied heavily on pre-existing environmental instability (with respect to saturated vertical perturbations of surface parcels) to provide buoyancy and energy for the developing tropical disturbance.  Charney and Eliassen (1964) term this energy source “conditional instability of the second kind” (CISK), given to denote the perceived synergistic cooperation between the cumulus convective processes and the larger-scale tropical circulation.  Unsatisfied with this theory of TC energy production (and coincident with Rosenthal’s [1978] successful numerical simulation of a mature, intense TC while accidentally forgetting to turn on the cumulus parameterization), Emanuel (1986) and Rotunno and Emanuel (1987) re-examined the energetics of tropical cyclones.  They questioned whether the ascending boundary layer air in a numerical model is able to sufficiently penetrate to altitudes observed in TCs in presence of dry entrainment.  Following the hypothesis of Riehl (1954), Emanuel (1986) and Rotunno and Emanuel (1987) proposed that the flux of latent heat from the sea surface, not the presence of ambient environmental instability, was essential to TC intensification.  Emanuel (1986) proposes a new type of “air-sea instability”, whereby TCs are “developed and maintained against dissipation entirely [his emphasis] by self-induced anomalous fluxes of moist enthalpy from the sea surface with virtually no contribution from preexisting CAPE.”  This requires a pre-existing finite amplitude disturbance, which is in agreement with the observational findings of Gray (1968) and Riehl (1954).  This newly described instability requires on three gradients: the temperature gradients that drive the circulation, the radial gradients of sea-air transfer of heat, and the gradients of surface wind speed.

Boundary layer structure
Emanuel (1986) divides the tropical cyclone boundary layer into three regions:  the innermost region that extends from the storm center out to the inner side of the eye wall; the middle region that extends from the inner eye wall out to the radius of maximum winds; and an outer region that extends from the radius of maximum winds out to an outer radius (typically the outermost closed isobar).  In the innermost region, the air is unsaturated and mechanically maintained by inflow outside the eye.  The middle region is saturated and is the only region with significant cyclone-scale vertical velocity, and saturation is maintained by lack of entrainment of low equivalent potential temperature (θe) air from aloft.  The outer region has little Ekman (frictional) turning, and thus its mean vertical velocity is small.  This is the region that is characterized by vigorous turbulent exchange of θe through the top of the boundary layer by entrainment and unsaturated downdrafts.  The total energy flux through the sea surface (sensible and latent) is offset mostly by these turbulent θe exchanges rather than by horizontal advection.  Thus, the TC boundary-layer energetics can be effectively summarized in a three-part process (Lighthill 1998):

(a) transfer of water vapor from ocean to atmosphere, allowing for saturated deep convection in the eyewall and energy transport to the upper troposphere,

(b) sensible heat transfer from ocean to atmosphere that keeps their temperatures remarkably equivalent, and

(c) transfer of mechanical momentum from air to ocean (associated with frictional resistance to surface winds).

Boundary layer equations
The cycle of heat energy input and kinetic energy dissipation in the TC is known as air-sea transfer.  To setup the air-sea transport problem, it is helpful to define a unidirectional wind stress across the surface of the ocean as a function of pressure gradient (Figure 2, adapted from Emanuel 2003).



A droplet of seawater lofted into sea spray by surface wind stress need only lose 1% of its mass to evaporation to drop its temperature back to the wet bulb temperature.  When it returns to the sea surface (cooler than when it left), it has effectively transferred enthalpy from the sea to the atmosphere.  As surface wind speeds increase, the quantity of re-entrant sea spray also increases, thus giving rise to a positive feedback whereby stronger surface winds increase enthalpy transfer.  It is convenient to define bulk transfer formulae for momentum (Fm) and enthalpy (Fk),
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where V is the near-surface wind, ρ is the air density, k is the specific enthalpy of air just above the surface, k0* is the enthalpy of air in contact with the ocean (which is assumed to take the same temperature as the ocean and be saturated with water vapor), and CD and CK are the dimensionless transfer coefficients of momentum and enthalpy discussed earlier.   The momentum transfer coefficient, CD, has been theorized to depend on sea-surface roughness length, surface wind speed, and wave spectral properties such as age, steepness, and directional component.

Using these basic definitions, a fundamental and highly important relationship between the transfer coefficients and maximum surface wind can now be developed (see Bister and Emanuel 1998).  By taking the vertically-integrated net dissipative heating, D, of the boundary layer, 
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where V is the velocity vector, a and b represent the bottom and top of the boundary layer, respectively, and equating it to the net production of mechanical energy, P, from the ascending Carnot leg,
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where Ts is the SST and T0 is the mean temperature of the upper-level outflow, we can arrive at an approximate expression for maximum surface wind speed, Vmax (Bister and Emanuel 1998),


[image: image13.wmf](

)

2

*

0

max0

0

S

K

D

TT

C

Vkk

CT

-

»-

.

The first term is the ratio of transfer coefficients, which Bister and Emanuel (1998) and Emanuel (2003a) assumed to be unity “for lack of better information.”  The middle thermodynamic efficiency term has outflow temperature as the denominator (instead of inflow temperature), which reflects the additional contribution from dissipative heating.  The final term represents a measure of thermodynamic disequilibrium between the ocean and atmosphere, which allows for convective heat transfer to occur.  If |V| is approximated as V, (1.20) represents a system where enthalpy is added to the system at the high temperature of the ocean surface and removed at the low temperature of the outflow at the tropopause (Emanuel 2004).  

In the near-surface region of the atmospheric boundary layer, the distribution of stress, τ, does not vary with height and is equivalent to the friction velocity squared,
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 is the turbulent flux of momentum.  The 10 m drag coefficient can then be represented, under neutral stability conditions, as
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where u* is the friction velocity and U10 is the 10 m wind speed that would be observed with neutral stratification.  The behavior of drag coefficient and wind speed has been the subject of much recent research.  Figure 3 (from Emanuel 2003) shows the response of the ocean surface during extreme-wind environments (winds above 50 m s-1):  the ocean surface is no longer solid but has broken into an emulsion layer, effectively reducing frictional drag (and thus the drag coefficient).  


Figures 4 and 5 show various parameterizations of drag coefficient as a function of wind speed.  Some parameterizations are observational, others purely theoretical, and still others a combination of the two.  Note only one, Makin (2005), attempts to take into account the change of state of the ocean surface in extreme wind environments (from a very wavy state to one with significant foam).   


Fig. 4: Different parameterizations of drag coefficient as a function of ten-meter wind speed, U10.  


Fig. 5:  Drag coefficient (a) and friction velocity (b) verses wind speed.  Solid line fit according to the resistance law of Makin (2005), dashed line fit according to the Charnock (1955) relationship, and open circles and error bars represent observational data of Powell et al. (2003).

Fig. 1.  Hypothetical air trajectory in a modified Carnot cycle.  Air does not flow into the center (eye) but instead turns and flows up through the eyewall.  The bottom panel shows the profile of wind, and rm the radius of maximum winds.  
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Fig. 2.  Idealized horizontal pressure gradient is integrated across the surface of the water (from Emanuel 2003). 





Fig. 3.  Depiction of the emulsion layer that develops on ocean surface in high wind environment (from Emanuel 2003).   
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